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Abstract Passing seismic waves released by large-magnitude earthquakes may aﬀect geological
systems located thousands of miles far from the epicenter. The M9.0 Tohoku earthquake struck on 11 March
2011 in Japan. We detected local seismic activity at the Larderello-Travale geothermal ﬁeld, Italy, coinciding
with the maximum amplitudes of the Rayleigh waves generated by the Tohoku earthquake. We suggest
that the earthquakes were triggered by passing Rayleigh waves that induced locally a maximum vertical
displacement of approximately 7.5 mm (for waves with period of 100 s). The estimated dynamic stress was
about 8 kPa for a measured peak ground velocity of 0.8 mm/s. Previous similar observations pointed out
local seismicity at the Larderello-Travale Geothermal Field triggered by the 2012 Mw 5.9 Po Plain earthquake.
We conducted forward numerical modeling to investigate the eﬀects caused by passing P, S, Love, and
Rayleigh waves through the known velocity structure of the geothermal ﬁeld. Results indicate that
maximum displacements focus diﬀerently when considering body or surface waves, with displacement
values being higher within the ﬁrst 2 km of depth. The focusing of the displacement below 3 km seems to
be strongly controlled by the velocity structure of the Larderello-Travale geothermal ﬁeld. We propose that
seismic activity triggered by passing seismic waves may be related to a clock-advancing mechanism for local
seismic events that may have occurred in any case. Furthermore, our analysis shows that local anisotropies
in the velocity structure of the Larderello-Travale geothermal ﬁeld (possibly linked to compartments of
elevated pore pressures) strongly control the reactivation of regions of the geothermal ﬁeld aﬀected by
passing seismic waves.

1. Introduction
Earthquakes impose static and dynamic stresses that may be suﬃcient to reactivate quiescent geological
systems [e.g., Hill et al., 2002; Freed, 2005; Steacy, 2005; Manga and Brodsky, 2006]. Static and dynamic stress
triggering involve diﬀerent geological and geophysical processes. While static stress triggering is due to
the change of the shear and normal stress acting on geological systems near to the earthquake rupture
zone [Stein, 1999], dynamic stresses act during the passage of the seismic waves released by the earthquake
[e.g., Hill et al., 2002; Manga and Brodsky, 2006]. Static stress triggering reaches maximum distances on
the order of the length of the ruptured fault zone, while dynamic stress triggering can reach the far ﬁeld
(i.e., thousands of kilometers). Pioneering studies highlighting dynamic triggering were associated to the 1993
M7.4 Landers, California [Hill et al., 1993], and 2002 M7.9 Denali, Alaska [Gomberg et al., 2001], earthquakes.
For instance, Prejean [2004] shows that following the 2002 M7.9 Denali earthquake, intense seismicity was
triggered along the North American Paciﬁc coast. Husen et al. [2004] highlight that geysers at the Yellowstone
Park, U.S., changed their eruptive behavior. Additionally, Gomberg et al. [2004] and Husen et al. [2004] point
out how nucleation of local seismic events often coincides with the passage of the seismic waves.
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Today dynamic triggering is often discovered in geological systems in a near-critical state (i.e., characterized by elevated pore pressures at depth or critically stressed [e.g., Jousset and Rohmer, 2012]). Megathrust
earthquakes produce large amounts of seismic energy and frequently trigger geological responses in the
far ﬁeld [Miyazawa and Mori, 2006; Walter and Amelung, 2007; Peng et al., 2010; Kiser and Ishii, 2011; Fry
et al., 2011; Ryder et al., 2012; Gonzalez-Huizar et al., 2012; Zigone et al., 2012; Pollitz and Bürgmann, 2014].
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Gonzalez-Huizar et al. [2012] show that the M9.0 Tohoku earthquake triggered both tremor and local earthquakes across various places worldwide. Prejean [2013] suggests that geothermal systems are more sensitive
than magmatic systems to incoming seismic energy and triggered responses should be more common in such
geological environments. Saccorotti et al. [2013] highlight that the Larderello-Travale geothermal ﬁeld (LTGF)
is sensitive to displacements caused by passing seismic waves as local seismicity (normally occurring between
4 km and 9 km depth [Vanorio et al., 2004; De Matteis et al., 2008]) was enhanced by the 2002 M5.9 Po Plain
earthquake sequence [Piccinini et al., 2012]. Similar ﬁndings were suggested for the Lusi sedimentary-hosted
hydrothermal system where body waves triggered the release of ﬂuids from depth [Lupi et al., 2013, 2014]. In
this manuscript we point out that the seismic activity of the LTGF may have been aﬀected by the passing waves
released by the M9.0 Tohoku earthquake that occurred in Japan in 2011. We locate the triggered events and
estimate the maximum dynamic stress imposed by passing seismic waves. Next, we run forward simulations
of passing P, S, Love, and Rayleigh waves across the measured velocity structure of the LTGF [Vanorio et al.,
2004; De Matteis et al., 2008]. This allowed us to quantify the displacement caused by passing seismic waves
at various depths at the LTGF and understand how dynamic triggering may operate in this geothermal ﬁeld.
Our ﬁndings are then discussed and compared to previous studies before drawing the main conclusions.

2. The Larderello-Travale Geothermal Field
The LTGF is located in Central Tuscany, Italy. The LTGF is part of the Tuscan Magmatic Province emplaced
since the early Miocene during the slab rollback in the collision of the Sardinia-Corsica and the Adria plates
[Malinverno and Ryan, 1986; Keller and Pialli, 1990; Dini et al., 2005]. The LTGF is marked by extensional tectonics
that began in the Pliocene [Brogi, 2005]. The normal faults are associated with the latest Pliocene extensional
episode [Malinverno and Ryan, 1986; Keller and Pialli, 1990; Dini et al., 2005]. At approximately 3 km depth the
LTGF is characterized by a horizon (more precisely a marked seismic reﬂector) known as the k horizon. The k
horizon is suggested to be characterized by the presence of supercritical ﬂuids hosted in fractured lithologies
[Bertini et al., 2006], and it is thought to represent the brittle-ductile boundary. Vanorio et al. [2004], De Matteis
et al. [2008], and Saccorotti et al. [2014] propose high-resolution Vp and Vs wave velocity maps for the LTGF
pointing out regions characterized by the presence of liquid and vapor phases at depth. We used such velocity
maps to build our model.
The LTGF is marked by regions of reduced Vp /Vs anomalies due to very low Vp velocities (i.e., interpreted as
geological compartments characterized by the presence of a vapor phase [De Matteis et al., 2008]). Vice versa,
regions of high Vp /Vs ratios, due to elevated Vp values, occur at shallow depths and have been interpreted
by De Matteis et al. [2008] as reﬂecting the presence of liquid phases (i.e., downwelling of groundwater or
condensation zones). The average heat ﬂow of the area is about 120 mW/m−2 with maximum values as high
as 1000 mW/m−2 [Baldi et al., 1995]. This implies temperatures as high as 250∘ C at 1 km depth.

3. Data
3.1. Triggered Local Earthquakes
Previous studies showed that the LTGF is sensitive to regional earthquakes [Saccorotti et al., 2013]. After a preliminary inspection of the seismic data recorded at the LTGF we noticed that the M9.0 Tohoku earthquake in
2011 (approximately 9800 km away) may have triggered seismic activity at the LTGF. To verify this observation,
we used publicly available data from seismic stations of the Italian broadband seismic network [Mele et al.,
2007] operated by the Istituto Nazionale di Geoﬁsica e Vulcanologia (INGV) to locate and investigate the seismic events. Eleven permanent seismic broadband stations (with sampling rates >80 sps) were installed within
80 km around the LTGF during March 2011. For nine of these, high sampling rate waveform data are available
at the European Integrated Data Archive (EIDA). We retrieved the waveform data and metadata for the seismic
stations ARCI, CASP, CSNT, FROS, LATE, MCIV, SACS, SASS, and TRIF. All stations have identical instrumentation
(three-component Nanometrics Trillium 40, except SACS which is equipped with a Trillium 120) and provide
ground velocity data at 125 sps (FROS, SASS, TRIF, and MCIV) or 100 sps (ARCI, CASP, CSNT, LATE, and SACS). In
Figure 2a the top three traces show the rotated (vertical, radial, and transverse) and unﬁltered velocity waveforms of the Tohoku earthquake as recorded on station FROS, which is situated at the eastern edge of the
LTGF. To determine the maximum ground displacement and maximum ground velocity induced by the surface waves generated by the Tohoku earthquake at the LTGF, we calculate instrument-corrected seismograms
(both in units of displacement and velocity) and read the maximum amplitudes of Rayleigh and Love waves.
LUPI ET AL.
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Figure 1. Map of LTGF with Vp /Vs ratio distribution between 6 km and 7 km depth (map adapted from De Matteis et al.
[2008]). The black dots are taken from the INGV catalog and indicate the local seismic activity 6 months before and
6 months after 11 March 2011. The dashed black line shows the position of the cross section used for the numerical
simulation shown in Figures 3 and 4. The inverted triangles point out the location of the seismic stations used by De
Matteis et al. [2008] to invert for the velocity model. The red inverted triangles show the location of the seismic stations
used to locate the seismic events triggered by the passing seismic waves generated by the M9.0 Tohoku earthquake. For
geographical reference the stations FROS, TRIF, and SASS have coordinates of 43.20972 and 11.15622, 43.11478 and
10.90265, and 43.06298 and 12.65175, respectively. ARCI, CASP, and CSNT seismic stations are not on the map as they
are too far and their coordinates are in latitude-longitude 42.85, 11.48; 42.79, 10.87; and 43.47, 11.29, respectively. The
velocity model used to locate the local events is the following: depth, Vp , Vs /0, 4.68, 2.54/ 0.5, 4.68, 2.59/ 1, 4.68, 2.63/
1.5, 4.68, 2.71/ 2, 4.68, 2.82/ 2.5, 4.81, 3.00/ 3, 4.98, 3.07/ 3.5, 5.17, 3.11/ 4, 5.20, 3.11/ 4.5, 5.26, 3.11/ 5, 5.36, 3.11/ 5.5, 5.41,
3.11/ 6, 5.50, 3.11/ 6.5, 5.64, 3.11/ 7, 5.67, 3.11/ 7.5, 5.74, 3.17/ 8, 5.75, 3.17/ 8.5, 5.77, 3.17/ 9, 5.80, 3.17/ 15, 7.92, 3.17.

The maximum vertical ground displacement caused by Rayleigh waves at the LTGF is approximately 7.5 mm
(averaged over the three stations near the geothermal ﬁeld: FROS, SASS, and TRIF) and is reached during the
ﬁrst arriving Rayleigh waves that have a period of approximately 100 s. Later in the coda, we measure a vertical ground displacement of 1.5 mm from Rayleigh waves with a period of 20 s (simulated in this work, see
below for discussion about the selected period). The ﬁrst arrival of the Love waves (central period of 185 s)
cause an average horizontal displacement of 8 mm, while coda Love waves of 20 s period (simulated in this
work) induce 1.8 mm of horizontal displacement. The dynamic stresses (𝜎D ∼ 𝜇 ⋅PGV ⋅vs−1 ) associated with the
passage of the Rayleigh waves are approximately 8 kPa (estimated from the peak ground velocity 0.8 mm/s,
30 GPa shear modulus, and Vs = 3 km/s [De Matteis et al., 2008]). Note that we read ground displacement
rather than the common ground velocity in order to calibrate the numerical simulations. We did not compare our amplitude reading to theoretical amplitudes since we rely on the correctness of INGV metadata. We
read amplitudes for very long period surface waves (up to 100 s) which is beyond the ﬂat part of the transfer
function of the Trillium 40.
To reveal potential local seismic activity at the LTGF, we applied a 5–15 Hz bandpass ﬁlter to the data recorded
during the Tohoku earthquake, which eﬀectively removes the low-frequency signal generated by the megathrust earthquake. The ﬁltered waveforms (Figure 2b) show the occurrence of two local earthquakes during the
passage of the surface waves generated by the Tohoku earthquake (red dots in Figures 1, 3, and 4). Clear signals of the local earthquakes can be identiﬁed only at stations FROS, SASS, and TRIF (Figure 1) and ARCI, CASP,
and CSNT (outside the area of Figure 1). We locate both earthquakes inside the LTGF (Figure 1) with lateral
uncertainties of ±2 km. We obtain depths of 6.3 km and 8.6 km, respectively, as best ﬁtting results. However,
depth is only loosely constrained with errors of approximately 3 km depth. For locating the potentially triggered events we used the Hypocenter code [Lienert and Havskov, 1995] and a 1-D velocity model (with layer
thickness of 500 m) based on the Vp and Vs velocities of De Matteis et al. [2008] (the velocity model is reported
in the caption of Figure 2). For the calculation of the local magnitude we use the procedure and distance
LUPI ET AL.
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Figure 2. Triggered earthquakes at Larderello-Travale geothermal ﬁeld. (a) The upper three traces show unﬁltered
ground velocity (raw data, not instrument corrected) on the vertical (Z ), radial (R), and transverse (T ) components of the
2011 M9.0 Tohoku earthquake measured on station FROS. Vertical arrows mark the amplitude scale read from response
corrected data. Dashed vertical lines mark the ﬁrst arrivals of Rayleigh waves (Z and R) and Love waves (T ). (b) The three
traces show velocity waveforms from stations FROS, SASS, and TRIF (vertical component only). To reveal the local
earthquakes over the background Tohoku signals, we applied a 5–15 Hz bandpass ﬁlter. Time scale is identical to panel
above. (c) Zoom in on the two triggered events as recorded on SASS and TRIF, respectively, with a bandpass ﬁlter of
3–25 Hz for best visibility. The red lines show the timing of the two possibly triggered earthquakes.
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Figure 3. Geometry and velocity structure of the Larderello-Travale geothermal ﬁeld. (a) Vp and (b) Vs distribution.
The direction of the cut A-A’ is shown in Figure 1. The red circles show the location of the local earthquakes possibly
triggered by the M9.0 Tohoku earthquake, and the black bars indicate the incertitude of our localizations. The
brittle-ductile transition, i.e., the k horizon [Brogi et al., 2003], is thought to occur at around 4 km depth and is marked
by the white dotted line.

corrections as introduced by Hutton and Boore [1987], which is identical to the one used for the local magnitudes in the INGV catalog [Lolli et al., 2015]. The ﬁrst local earthquake of magnitude Ml 1.7 coincides with
the arrival of the ﬁrst Rayleigh waves (period of 100 s) that induce the maximum vertical displacement at the
surface of 7.5 mm. At the time of this earthquake there is no signiﬁcant ground motion from Love waves. On
the recordings of station FROS the arrival of the Pg phase of the triggered earthquake is registered approximately 7 s after the maximum negative velocity of the very ﬁrst cycle of the Rayleigh waves. A surface wave
front recorded at FROS arrives at the triggered earthquake source volume approximately 3 s later (given the
12 km along-great-circle-path diﬀerence and assuming 3.8 km/s Rayleigh phase velocity). From the hypocenter, the P wave of the triggered earthquake takes approximately 4–5 s to be recorded at FROS (24 km direct
line-of-sight distance, average P wave velocity of 5.1 km/s; see Figure 3). This may explain the observed delay
of approximately 7 s. We suggest that the ﬁrst local earthquake was triggered during the very ﬁrst downward
motion of the Rayleigh wave generated by the Tohoku earthquake. The second local earthquake of magnitude Ml 1.6 occurs approximately 15 min later during the surface wave coda. At this stage the teleseismic wave
ﬁeld is dominated by Rayleigh and Love waves of around 20 s period and 1.5 mm displacement.
3.2. Numerical Simulations of Passing Seismic Waves
Saccorotti et al. [2013] ﬁrst showed that the LTGF is sensitive to incoming seismic energy and pointed out that
seismic waves generated by the 2012 Po Plain seismic sequence [Piccinini et al., 2012] triggered local seismic
activity at the LTGF. To investigate how passing body and surface waves may trigger local seismicity at the
LUPI ET AL.
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Figure 4. Results of the numerical study. Maximum displacement induced by passing (a) P waves, (b) S waves, (c) Love
waves, and (d) Rayleigh waves. The dotted line indicates the k horizon that is suggested to represent the brittle-ductile
transition.

LTGF, we simulated synthetic body waves with central frequency of 1 Hz and surface waves with central period
of 20 s using the method described in Saenger et al. [2000]. We calibrate our results for body and surface waves
by imposing at the surface the same displacement generated by body and surface waves recorded at seismic
stations at the LTGF. While the displacement induced by the 2012 Po Plain seismic sequence at LTGF varies
from 1 mm to approximately 2 mm (depending on the shock considered from the Po Plain seismic sequence)
and was mainly due to higher frequency body waves, the maximum displacement from the M9.0 Tohoku
earthquake imposed on the LTGF was due to surface waves with a period of ∼100 s. However, we could not
simulate such long periods for hardware limitations as it would have required a too large model (i.e., a 10
times longer period requires a 100 times larger model). We selected Love and Rayleigh waves with periods of
20 s because wave trains with central period of 20 s have been shown to be particularly eﬀective in pumping
upward deep ﬂuids from the lower crust [Hill, 2012]. Additionally, Saccorotti et al. [2013] point out that waves
with central periods around 10 s caused triggered seismic activity at the LTGF. Using the central period of 20 s
still provides a clear picture of the regions of the geothermal ﬁeld that may be aﬀected by higher accumulations of seismic energy density. Additionally, our forward modeling only accounts for a monofrequency wave
passing through the system while earthquakes release waves with diﬀerent frequencies and periods aﬀecting
simultaneously a given geological system. This implies that our work shows a conservative quantiﬁcation of
the eﬀective displacement imposed by passing seismic waves. It follows that our ﬁndings represent the lowest limit of the stresses imposed on the LTGF by passing seismic waves, and the cumulative dynamic stress
may therefore have been higher.
The velocity model for our simulations (Figure 3) is reconstructed from the velocity structure (Vp and Vs ) of the
LTGF [Vanorio et al., 2004; De Matteis et al., 2008; Saccorotti et al., 2014], and densities are assumed constant
at 1850 kg/m3 . This is an assumption as the LTGF may be characterized by sharp density contrasts due to
the presence of superheated ﬂuids, brines, and diﬀerent geological units. We run sensitivity tests varying the
density of the model with densities ranging from 1500 kg/m3 to 2800 kg/m3 . Results show the same order of
magnitude of displacement (Figure 4), despite the density value chosen. It should be pointed out that Della
Vedova et al. [2008] provide temperature and gravity anomalies for the LTGF that may be linked to density
variations at depth. However, such information is much coarser when compared to the velocity model that
we use. Hence, we have no constraints on possible sharp variations due to vapor-saturated reservoirs or to dry
units. Our approximation on the density does not represent the complex density heterogeneity of the LTGF,
but it prevents us from introducing any arbitrary contrast of impedance and makes us rely on measured values
only [i.e., Vanorio et al., 2004; De Matteis et al., 2008]. Our impedance contrasts are only related to changes in
LUPI ET AL.
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measured seismic wave velocities occurring at depth. The detailed two-dimensional model measures 22 km
and reaches 9 km depth. We discretized the model into a rotated staggered ﬁnite diﬀerence grid [Saenger
et al., 2000] of 1801 × 4601 nodes with a grid spacing of 5 m. We applied periodic boundary conditions at
the left and right boundaries. The top boundary is a free surface, and at the bottom we applied absorbing
boundary conditions. The amplitude of the incoming wave is constrained such that the average horizontal
displacement at the surface in the simulations is ﬁxed at 1.5 mm. Body waves are generated as planar waves
entering the model from the bottom boundary, while surface waves are introduced from the top right corner
of the model.

4. Discussion and Conclusions
The two earthquakes that we report are not listed in the seismic catalog of INGV that is complete for magnitudes Ml > 1.6 in the area of the LTGF [Mele et al., 2007; Saccorotti et al., 2013]. However, the magnitudes
that we determine are near the detection limit of the INGV network and they may have evaded automatic
detection because their signals were obscured by the seismic waves generated by the Tohoku earthquake.
Although we cannot entirely rule out that the two earthquakes occurred as regular seismic activity in the
LTGF and accidentally coincided with Rayleigh waves, we investigated whether both earthquakes could have
been dynamically triggered by the passage of the seismic waves. From 2009 to 2013 the INGV catalog lists on
average 0.2 earthquakes with Ml > 1.0 per day in the greater Larderello-Travale area. De Matteis et al. [2008]
report 500 microearthquakes of Ml between 0.0 and 3.0 from 1994 to 2000 recorded by a dense local station network, similarly resulting in an average 0.2 earthquakes per day. To compare the potentially triggered
seismicity to the natural seismicity, we compiled a list of all earthquakes recorded by the INGV network with
Ml > 0.0 and within a 20 km radius around the epicenter of the triggered candidates (which covers the extension of the LTGF) in the 6 months before and 6 months after the Tohoku earthquake (Figure S1a). Within the
30 days prior to the Tohoku earthquake two earthquakes of magnitudes Ml 1.5 and Ml 2.1 occurred at 10 km
and 18 km depth, southeast of the two events shown in Figure 1. Within the 30 days after the Tohoku earthquake only a single Ml 1.7 event is registered 25 km southwest of the red epicenters in Figure 1. The period
from mid-February 2011 to May 2011 is seismically quiet (Figure S1a). Additionally, subsequent earthquakes
with interevent time of less than a day are only observed during swarm periods (e.g., January, July, or August
2011). This is not the case for March 2011.
We also conducted a manual inspection for local earthquakes with magnitude lower than the completeness
magnitude for the LTGF to ensure not to underestimate the natural seismicity. We scanned waveform data of
the three stations closest to the LTGF (FROS, SASS, and TRIF) for a time span covering 2 months before and
1 month after the Tohoku earthquake using an STA/LTA trigger. With 5 s and 20 s window lengths for STA and
LTA, respectively. We required successful detection (STA/LTA threshold = 4) on all three stations on vertical
component data bandpass ﬁltered from 5 to 20 Hz. With this setting we were able to ﬁnd all events listed
in the INGV catalog and the two potentially triggered earthquakes with almost no false alarms. Additionally,
within the 3 month time frame we found additional 36 local earthquakes within the LTGF with Ml < 1.6 not
listed in the INGV catalog (see Figure S1a).
To further verify the likelihood of dynamic triggering on 11 March at LTGF, we calculated the 𝛽 value [Matthews
and Reasenberg, 1988; Aron and Hardebeck, 2009], which compares the number of events during a potential
triggering window with the number of events before the triggering window [Matthews and Reasenberg, 1988;
Aron and Hardebeck, 2009]. A 𝛽 value >2 is an indicator for a statistically signiﬁcant increase of seismicity during the triggering window. Our triggering window length is 30 min (corresponding to the duration of surface
wave shaking at LTGF) including two potentially triggered events. The resulting beta value ranges from 9.8
(no additional pretriggering events within 1 day preevent time) through 15.4 (two additional pretriggering
events within 5 days preevent time) up to >19 (15 additional pretriggering events within 34 days preevent
time). Figure S1b shows the 𝛽 value for diﬀerent preevent time windows. Although the robustness of the
results of the 𝛽 value is limited in our case by the small number of total events [Hill and Prejean, 2015], the generally high 𝛽 values support the observation that the two local events may be dynamically triggered. Hence,
we speculate that the two detected earthquakes of Ml 1.7 and Ml 1.6 occurring precisely during the maximum
amplitudes of the arrival of the Rayleigh waves generated by the Tohoku earthquake might not have been a
random occurrence.
LUPI ET AL.
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Figure 4 shows the distribution of the displacement for P, S, Love, and Rayleigh waves traveling through the
LTGF pointing out that body and surface waves aﬀect the system diﬀerently. P and S waves generate overall
larger displacements within 1 km depth (Figures 4a and 4b). Surface waves cause displacements at the surface
conﬁned to speciﬁc regions marked by strong velocity contrasts (Figure 3). Medium displacements (i.e., about
half of the maximum values recorded at the surface) occur beneath the k horizon. Compared to body waves,
surface waves impose a more patchy distribution of medium displacement (Figures 4c and 4d). The large error
on the location of the triggered events only allow us to speculate about the possible correlation between
the hypocenter of the triggered earthquakes and regions marked larger displacements. However, it must be
noticed that the deeper triggered event (i.e., the earthquake with hypocenter at 8.6 km depth) seems to fall in
a compartment aﬀected by larger dynamic displacements (Figures 4b and 4c). Saccorotti et al. [2013] point out
that the seismic events triggered at the LTGF by the passage of Rayleigh waves released by the 2012 Po Plain
seismic sequence occurred at 4 km and 6 km depth. Our numerical simulations indicate that sharp variations
in the velocity structure of the LTGF are key to explain focusing of seismic energy and, hence, displacement.
While we acknowledge that Saccorotti et al. [2013] ﬁnd that local triggered seismic activity coincided with the
passage of Rayleigh waves, our simulations also indicate that body (and in particular shear) waves may have
relevant eﬀects at depth. At short epicentral distance, i.e., less than 250 km from the epicenter, the seismic displacement is mainly caused by body waves [Kulhánek, 2002]. The 2012 Po Plain seismic sequence occurred less
than 200 km away from the LTGF implying that body waves may have also contributed in imposing dynamic
stress at the LTGF. Based on our numerical results, we speculate that for the Po Plain case presented by Saccorotti et al. [2013], the arrival of shear waves may have aﬀected the already critically stressed fault systems of
the LTGF. Next, as also suggested by Saccorotti et al. [2013], the arrival of the Rayleigh waves imposed the necessary stress to rupture the faults already close to failure due to the presence of pore ﬂuids at near-lithostatic
or supralithostatic pressure. This mechanism is in agreement with the ﬁndings of Saccorotti et al. [2013] and
develops from the observations of Hill [2012] who point out how surface waves may be particularly eﬀective
in mobilizing deep geothermal and magmatic ﬂuids resulting in crack opening, i.e., local seismic activity.
Possibly, the largest discrepancy of our work is related to the occurrence of triggered seismic activity at depth,
rather than in the shallow region (i.e., shallower than 1 km depth) where the dynamic displacements are
the largest. This may be connected to the lasting of the passage of surface wave trains and linked to the
use of Rayleigh waves with 20 s central period rather than 100 s. In fact, Hill and Prejean [2015] point out
that the longer the period of the wave train, the longer the dynamic stress coherently imposed by the passing wave train lasts. Previous studies document dynamic triggering within hydrothermal systems caused
by long-period surface waves [e.g., Hill and Prejean, 2015], but the underlying mechanisms remain poorly
understood.
We propose that remote triggering by dynamic stresses of few kilopascals requires near-lithostatic ﬂuid pore
pressures at depth and the passing seismic waves simply advance the clock of a local seismic event that may
have occurred anyway. As previously mentioned, the location uncertainty of the events triggered on 11 March
2011 at the LTGF does not allow us to speculate further about the physical state in the region of the triggered seismic events. Our results seem to indicate that dynamic triggering might be strongly controlled by
the heterogenous distribution of pore pressures at depth.
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